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Abstract

Grain-to-grain and stylolitic solution structures in two central Appalachian Siluro–Devonian limestone macroscale folds contain one of

four distinct mineral assemblages that are characterized by the dominant iron-phase mineral present: (1) chloriteGilliteGpyriteGcalciteG

quartzGTiO2Ggoethite, (2) chloriteGilliteGpyrite altered to iron oxide/hydroxideGcalcite GquartzGTiO2, (3) chloriteGilliteG

magnetiteGcalciteGquartz, and (4) chloriteGilliteGgoethiteGcalciteGquartzGTiO2. Optical reflectance microscopy and SEM–EDS was

used to characterize the mineralogy and mineral morphology of these structures. Geochemical modeling was used to constrain the conditions

of formation and preservation.

The primary control on solution structure mineral assemblage was the redox conditions present in the solution structures during burial and

deformation. The redox conditions on the microscale may have been controlled by the local fluid chemistry and the presence–absence of

hydrocarbons and organic acids within the formation fluids, and the influx of externally derived fluids by fracture formation during the

folding process. The wide variation in mineralogy of the solution structures shows that they were ‘chemical factories’ where a variety of

chemical reactions took place during rock dissolution. In particular, the formation of authigenic magnetite in solution structures has

significant implications for paleomagnetic applications, and use of anisotropy of anhysteretic remanent magnetization and anisotropy of

magnetic susceptibility fabrics.

q 2005 Elsevier Ltd. All rights reserved.
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1. Introduction

The stability of iron-minerals, such as pyrite, magnetite,

hematite, and pyrrhotite, during burial diagenesis and

deformation is of interest because of their importance in

paleomagnetic studies (e.g. Leslie et al., 1990a,b; Johnson et

al., 1995; Turner et al., 1995; Dinarés-Turell and Dekkers,

1999). Temperature, pressure, fluid chemistry, and subsur-

face redox conditions (Eh and pH) are the most important

parameters controlling the chemistry of diagenetic reactions

in sedimentary basins, and hence control the dissolution,

alteration, and precipitation of these iron-minerals. How-

ever, environmental conditions are not static, but are
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constantly changing during sediment burial, diagenesis,

and uplift (Burton et al., 1993; Machel, 1995; Turner et al.,

1995). Hence, the mineralogy of the iron-phases also may

change, resulting in (1) magnetization, (2) destruction of

original magnetization, and/or (3) remagnetization of the

rocks (e.g. Leslie et al., 1990b; Dinarés-Turell and Dekkers,

1999).

It is generally assumed that changes in environmental

conditions can cause pervasive changes in iron-phase

mineralogy throughout the rock, or minimally, near the

walls of fractures or faults that demonstrably served as fluid

conduits (e.g. Elmore et al., 1993a,b). However, several

studies have shown that localized micromineral and

microchemical domains exist in rocks due to fluid

infiltration and diffusion processes along channelized

pathways such as microcracks (Juster, 1987; McCaig and

Knipe, 1990). Depending on the connectivity and com-

munication with external fluid sources, these local fluid

pathways could exhibit fluid chemistry and Eh–pH
Journal of Structural Geology 28 (2006) 284–301
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conditions that could be significantly different than those

within the host rock.

Pressure solution structures are of particular interest

since they are pervasive in carbonate rocks, as well is in

many clastic rocks (see Rutter (1983), Groshong (1988), and

Passchier and Trouw (1996) for reviews of pressure solution

phenomena). Significant amounts of host rock may be

dissolved during pressure solution. For example, Tada and

Siever (1989) in a review of previous work give a range of

5–34% volume loss in carbonate rocks while Davidson et al.

(1998) and Markley and Wojtal (1995) suggest up to 50%

volume loss may occur. The rock material lost during

pressure solution must either precipitate locally in veins or

be carried out of the local system by fluids. The expulsion of

pressure-solved material may be accomplished by simple

bed compaction and does not necessarily require a fluid flux

of externally derived fluids. The ‘insoluble’ rock residue is

then left behind in the form of a selvedge zone.

Solution structures act as discrete and preferential fluid

conduits, thereby allowing the influx of external fluids and

ions into the solution structures, as well as the removal of ions

from the structures. Meike and Wenk (1988) have pointed to

neocrystallized phyllosilicates and secondary calcite in

solution structures as evidence that saturated fluids are moving

through the seam during formation. Similarly, Bathurst

(1971), Merino et al. (1983), Carozzi and von Bergen

(1987), and Haubold (1999) suggest that stylolites may have

porosity and permeability that would aid in localized, focused

fluid flow. Enhanced porosity zones adjacent to stylolites have

been documented by Carrio-Schffhauser et al. (1990) and

Raynaud and Carrio-Schaffhauser (1992).

Although pressure solution zones are pervasive in most

limestones, little work has been done to characterize the

dissolution, alteration, and neocrystallization of minerals in

the solution zones, and the chemical transitions and mass

balance that occur within these zones. For example, Trurnit

(1968) presented a sequence of minerals with decreasing

relative pressure solubility. All minerals in the series that

come after calcite can become part of the solution residue

along a pressure solution surface in limestone. He

concluded that hematite is equivalent to quartz in solubility,

but no mention was made of magnetite, a common

constituent in many limestones. Some authors have

described the behavior of iron oxides as passive during

pressure solution (Cox and Etheridge, 1989), whereby iron

oxides are considered to be inert minerals tending to

concentrate as residual phases along the foliation plane.

From a geochemical standpoint, Schwander et al. (1981)

used microprobe and XRD/XRF to examine the difference

between stylolite and host rock chemistry. He found that

relatively insoluble clay minerals, quartz, K-feldspar, and

pyrite were concentrated in stylolites while Ca and Mg were

mobilized and partly removed from the system. Davidson et

al. (1998) found that Ca and 18O were depleted in cleavage

ones while Mg, P, and Na were passively concentrated.

Interestingly, they found that other elements, particularly K,
Al, Si, Ti, and possibly Fe required significant metasomatic

addition during deformation, resulting in neocrystallization

of illite, kaolinite, quartz, and anatase. The end result is that

the mineral assemblage within a pressure solution structure

is significantly different from that of the host rock.

Detailed SEM–EDS (scanning electron microscope–

electron dispersive spectra) analysis of stylolitic and

grain-to-grain solution zones in Silurian and Devonian

limestones from the central Appalachian Valley and Ridge

province of West Virginia provide evidence for a variety of

discrete mineral domains in pressure solution structures.

The domains are characterized by mineral assemblages

dominated by (1) iron oxide, (2) iron hydroxide, or (3) iron

sulfide. In this paper we will characterize the mineralogy of

three types of solution structures, and document the

dissolution, alteration, and neocrystallization (?) of iron-

phase minerals. In addition we will relate the mineral

assemblages to the structural and fluid history of the rocks.
2. Geological setting

Limestones from the Upper Silurian Tonoloway Formation

and the overlying Lower Devonian Helderberg Group were

sampled from the macroscale Patterson Creek and the Wills

Mountain anticlines in the Valley and Ridge province of

northern West Virginia. The samples are from some of the

same sample sites and retain the same sample numbers as

those used by Evans et al. (2003) to characterize the anisotropy

of magnetic susceptibility (AMS) and Lewchuk et al. (2003) to

characterize the remanent magnetization.

Limestones of the Helderberg Group contain a wide

range of lithologies including grainstones, wackestone, and

carbonate mudstones (Dorobek and Read, 1986; Dorobek,

1987; Meyer and Dunne, 1990) but are dominated by

coarse-grained lithologies. In contrast, the Tonoloway

Formation is dominated by fine-grained lithologies such as

carbonate mudstones and wackestones, although coarser

grained rocks are occasionally present. Bedding parallel

stylolites attributed to compaction are pervasive in both

rock units. They account for up to 10–20%, and

occasionally up to 35%, bed normal volume loss (Evans et

al., 2003). In addition, solution structures that are normal to

sub-normal to bedding are common. These are attributed to

tectonic deformation and folding during the Alleghanian

orogeny may account for up to 15% volume loss (Meyer and

Dunne, 1990; Markley and Wojtal, 1995; Smart et al., 1997;

Evans et al., 2003).
3. Methodology

3.1. Sampling

The samples were chosen to provide a wide variety of

structural and stratigraphic positions within the folds. For
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this study, only bed-parallel, compaction-related solution

structures were investigated. The solution structures are

discrete zones, ranging in thickness from !10 mm (grain-

to-grain) to O500 mm (stylolitic) (Fig. 1), with each

accounting for 10–1000 s of micrometer of volume loss

normal to the structure. They have undulatory to serrated

profiles, with amplitudes commonly up to 2 mm, and more

rarely up to 10 mm.

3.2. Sample preparation and instrument description

Eleven limestone samples from the study of Evans et al.

(2003) and one addition sample (73) were prepared for SEM

observations by polishing thin sections in multiple steps to

0.3 mm alumina powder. The SEM used is a Philips XL-30

field emission scanning electron microscope equipped with

detectors for imaging in secondary electron (SE) and

backscattered electron (BSE) mode. Compositional ana-

lyses were done by energy-dispersive X-ray spectroscopy

(EDS).
4. Solution structure mineral assemblages

4.1. Types of solution structures

In the Tonoloway and Helderberg limestones examined

in this study, stylolite and grain to grain pressure solution

zones fall into four general categories based on mineral

assemblages that are characterized by the iron-phase

minerals present.

4.1.1. Pyrite-bearing solution structures

These solution zones contain pyrite as the primary iron-

phase mineral as determined by EDS analysis (Figs. 2 and

3a), with the general mineral assemblage (in order of

decreasing abundance): chloriteGilliteGpyriteGcalciteG
quartzGTiO2 (Table 1). The pyrite occurs as !1–20 mm

anhedral to euhedral grains (Fig. 2b), and masses of
Fig. 1. (a) Reflectance and (b) optical PL photomicrographs of stylolitic solution st

the selvedge zones consisting of ‘insoluble’ residue. Arrows in (a) point to micro
submicron size grains, and less commonly as !20 mm

framboids. The shapes and sizes of pyrite grains in the

solution structures is the same as those grains found in the

rock matrix, indicating passive concentration by solution.

4.1.2. Altered pyrite-bearing solution structures

Solution structures in the samples from sites 68 and 73

contain pyrite grains that are partially to completely altered

for a general composition of chloriteGilliteGpyrite/iron

oxide/hydroxideGcalciteGquartzGTiO2. Most contain a

core of pyrite and a rim of iron oxide/hydroxide (Fig. 2d–f),

which is interpreted to be goethite or magnetite based on

EDS analysis (Fig. 3b and c) and the similarity in

morphology to grains found by Xu et al. (1998) in

limestones from Colorado. Other grains are completely

altered to iron oxide/hydroxide (Fig. 2e and f). They

commonly have a core and a ring of different brightness on

backscatter electron micrographs. The rim and the core both

give EDS spectra indicating a composition of iron and

oxygen. Conventional EDS analysis does not produce

accurate Fe/O rations, so it is not possible to distinguish

between the common iron oxides (magnetite and hematite)

and hydroxides (goethite) by EDS alone. In these two

samples, common unaltered pyrite grains and uncommon

altered pyrite grains are found in the rock matrix. However,

all pyrite grains that are concentrated in the solution

structures are partly to completely altered.

4.1.3. Magnetite-bearing solution structures

These solution zones contain an iron oxide mineral as the

primary iron-phase mineral (Fig. 4a–f). These iron oxide

grains are inferred to be magnetite based on (1) the sub-

octahedral morphology of the grains, (2) EDS analysis that

shows the presence of iron and oxygen along with minor

silicon and calcium, which may be due to beam overlap on

the surrounding material (Fig. 3d and e), and (3) rock

magnetic work (Lewchuk et al., 2002, 2003) that shows

magnetite to be the only remanence-carrying iron mineral in

these rocks and that hematite is not present. The general
ructures between fossil fragments in samples of Helderberg grainstone. Note

n-scale magnetite grains within the solution structures.



Fig. 2. Backscatter SEM images of (a) a pyrite-bearing solution structure, (b) pyrite grain pressure solving into a TiO2 grain, (c) a mass of sub-micron pyrite, (d)

pyrite with a rim of iron oxide adjacent to a TiO2 grain, and (e) solution structure with pyrite partially to completely altered to iron oxide/hydroxide. The bright

areas are pyrite, and the medium gray areas are an iron oxide/hydroxide (f) close-up of grain in (e) showing pyrite with an iron oxide rim and completely altered

pyrite. CZcalcite, C/IZchlorite/illite, FeOZiron oxide, PZpyrite, XZpoint of EDS spectra analysis shown in Fig. 3.
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mineral assemblage of these solution structures is:

chloriteGilliteGmagnetiteGcalciteGquartz (Table 1).

Magnetite occurs within the solution structures in one of

three forms. First, uncommon framboids that are 3–20 mm

in diameter (Fig. 4b and c) and composed of microcrysts

that are !1 mm in diameter and have an octahedral to cubo-

octahedral habit. Similar framboids have been described in

other limestones (Lu et al., 1990; Suk et al., 1990a,b, 1991;

Saffer and McCabe, 1992; Housen et al., 1993a), and have

been interpreted as being magnetite altered from framboidal

pyrite (Lu et al., 1990; Suk et al., 1990a; Housen et al.,

1993a,b). Wilkins and Barnes (1997), on the other hand,

argue that magnetite framboids are primary and form from

the magnetic aggregation of individual microcrysts. Second,

magnetite occurs as subcubic to irregular grains that are
interpreted to be altered from pyrite or possibly siderite

(Fig. 4c). In the samples that contain magnetite, pyrite is a

common accessory in the host rock. However, pyrite is not

found in these solution structures (Fig. 5), attesting to the

markedly different environmental conditions within the

stylolite structure as opposed to the host rock.

Finally, irregular aggregates (Fig. 4d–f) of individual

crystals are commonly found within, and strung out along,

the clay folia of the solution structures. These crystals are

0.05–1.0 mm in size, and fall into the range of single domain

(SD) and pseudo-single domain (PSD) magnetic grains

(Butler and Banerjee, 1975). The grains have an octahedral

to sub-octahedral shape (within the limits of SEM

resolution). The lower size limit is similar to that of

biogenic magnetite, but the octahedral shape does not



Fig. 3. Energy-dispersive spectra (EDS) of iron phase minerals in solution structures. (a) Pyrite grain in Fig. 2b, (b) rim (Fig. 2f, point x), and (c) core (Fig. 2f,

point y) of pyrite grain altered to iron oxide/hydroxide. Note that some sulfur remains from the preexisting pyrite. (d) Sub-micron magnetite in Fig. 4f, (e)

framboidal magnetite in Fig. 4c, and (f) goethite in Fig. 7c. Peaks due to C, O, Si, Mg, and Al are caused by beam overlap onto adjacent phases.
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resemble the shapes of magnetite created by magnetotactic

bacteria (Chang et al., 1987, 1989; Chang and Kirschvink,

1989; McNeill, 1990; Stoltz et al., 1990; Devourad et al.,

1998). The crystals are always surrounded by aligned clays

(Fig. 4d–f), and the clusters may occasionally be embayed

into quartz grains (Fig. 4d). Their euhedral shape suggests

that they are authigenic, and formed within the solution

structures. Although not conclusive, detailed SEM scans of

the limestone matrix of several samples failed to reveal
Table 1

Solution structure mineralogy

Site Formation Lithology Bedding Compact

solution

(%)

13 Helderberg Packstone 208/30 11.5

17 Helderberg Wackestone 022/45 12.0

46 Helderberg Packstone 035/40 21.8

53 Helderberg Wackestone 017/16 20.0

68 Helderberg Packstone 032/30 35.0

73 Helderberg Wackestone 035/41 3.0

14 Tonoloway Packstone 201/34 10.3

35 Tonoloway Mudstone 052/32 21.0

38 Tonoloway Wackestone 204/40 3.0

51 Tonoloway Wackestone 232/18 11.2

78 Tonoloway Wackestone 037/45 13.3

83 Tonoloway Mudstone 030/30 5.6

ODU, optimal differential unfolding. Data from Lewchuk et al. (2003). ND, no d
similar grains outside the solution structures. Housen et al.

(1993a) documented similar clusters of crystals in cleavage

zones in Ordovician shales in Pennsylvania. Interestingly,

we did not find any evidence of botryoidal or spheroidal

magnetite as recognized in other limestones (e.g. McCabe

et al., 1983; Suk et al., 1990a,b).

In several samples, magnetite framboids and clusters of

sub-micron magnetite exhibit grain-to-grain dissolution.

They are embayed into more soluble quartz grains (Fig. 4c
ion

strain

ODU Solution structure mineral assemblage

99.7 ChloriteGilliteGgoethiteGcalciteGquartzGTiO2

13.0 ChloriteGilliteGmagnetiteGcalciteGquartz

3.9 ChloriteGilliteGmagnetiteGcalciteGquartz

0.1 ChloriteGilliteGmagnetiteGcalciteGdolomiteG

quartzGK-feldspar

96.1 ChloriteGilliteGpyriteCiron oxide/hydroxideG

calciteGquartzGTiO2

ND ChloriteGilliteGpyriteCiron oxide/hydroxideG
calciteGquartzGTiO2

99.0 ChloriteGilliteGgoethiteGcalciteGquartzGTiO2

39.6 ChloriteGilliteGmagnetiteGcalciteGquartz

75.8 ChloriteGilliteGpyriteCiron oxide/hydroxideG
calciteGquartzGTiO2

79.4 ChloriteGilliteGpyriteGcalciteGdolomiteG

quartzGTiO2

ND ChloriteGilliteGgoethiteGcalciteGquartzGTiO2

64.0 ChloriteGilliteGgoethiteGcalciteGquartzGTiO2

ata.



Fig. 4. (a) and (b) Backscatter SEM images of magnetite-bearing solution structures. Magnetite occurs as clusters of sub-micron size crystals, framboids

interpreted to have been altered from pyrite, and large detrital or altered pyrite grains. (c) Close-up of (b) showing magnetite framboids and altered pyrite

crystals with grain–grain dissolution and embayment into quartz. Note the presence of clays at the dissolution interface. (d) Euhedrl sub-micron magnetite grain

embayed into quartz. (e) and (f) Close-ups of euhedral sub-micron magnetite grains in aligned chlorite/illite matrix. This magnetite is interpreted to have

precipitated in the solution structure during deformation. CZcalcite, C/IZchlorite/illite, MZmagnetite, QZquartz, XZpoint of EDS spectra analysis shown

in Fig. 3.
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and d), or exhibit mutual dissolution of framboids (Fig. 4b

and c). At each dissolution boundary, there is a several

micrometer thick clay film that may have assisted in the

dissolution process by providing a water film diffusion
Fig. 5. (a) Backscatter SEM image of a solution structure. (b) SEM map of pyrite an

the lack of pyrite in the solution structure and the corresponding increase in iron
pathway (Heald, 1956; Weyl, 1959; Wanless, 1979;

Marshak and Engelder, 1985; Dewers and Ortoleva, 1990;

Hickman and Evans, 1995). The strain induced dissolution

of magnetite most likely occurs by phase-boundary
d iron oxide grains (O1 mm) in the vicinity of the stylolite shown in a. Note

oxide. The iron oxide is interpreted to be magnetite in this sample.
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hydrolysis of Fe2C–O bonds at the magnetite surface and

grain boundary diffusion of Fe2C. At interphase boundaries

of high normal stress, Fe2C–O bonds are weakened

(probably by substitution of Fe2C–O bonds with weaker

Fe2C–OH bonds) and hydrolyzed (Lagoeiro, 1998).

As shown in Evans et al. (2003) anisotropy of

anhysteretic remanent magnetization (AARM) ellipsoid

anisotropies are high for these rocks, indicating a strong

preferential orientation of magnetite grains. In particular,

the short axes of the AARM ellipsoids are commonly bed

normal, indicating a strong compaction component, and the

long axes are aligned parallel to structural strike, indicating

a tectonic influence. Inspection of the SEM images shows

no discernable crystallographic alignment of iron oxide

crystals at the given resolution. However, if the grains grew
Fig. 6. (a)–(c) Backscatter SEM images of goethite-bearing solution structures. (d)

habit. Peaks due to C, O, Si, Mg, and Al are caused by beam overlap onto adjacen

of EDS spectra analysis shown in Fig. 3.
within the phyllosilicate folia, they may still contain a stress

induced crystallographic orientation (Karato and Masuda,

1989). Housen and van der Pluijm (1991) and Housen et al.

(1993a) found magnetite oriented parallel to cleavage in

slates, concluding that the preferred orientation was most

likely accomplished via dissolution and new growth of

magnetite during cleavage formation.
4.1.4. Goethite-bearing solution structures

These solution zones contain goethite as the primary

iron-phase mineral (Fig. 6a–f) as determined by EDS

analysis (Fig. 3f), with the general mineral assemblage:

chloriteGilliteGgoethiteGcalciteGquartzGTiO2

(Table 1). Goethite occurs as clusters and masses of

radiating 0.5–1.0 mm long needles (Fig. 6e and f).
Close-up of grains in (c). (e) and (f) Goethite showing distinctive needle-like

t phases. CZcalcite, C/IZchlorite/illite, GZgoethite, QZquartz, XZpoint
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Occasionally, goethite occurs as large (O5 mm) corroded

subhedral grains (Fig. 6c and d) that may be altered

magnetite or pyrite. Detailed SEM scans of the limestone

matrix of several samples failed to reveal similar grains

outside the solution structures.
4.2. Minerals common to most solution structures
4.2.1. Phyllosilicate minerals

The phyllosilicate minerals within the solution structures

are interpreted to be a mixture of chlorite and illite based on

the EDS analysis that indicate the presence of significant

potassium, and magnesium, in addition to silicon, oxygen,

and aluminum (Fig. 7a–c). Interestingly, phyllosilicates in

goethite-bearing structures tend to be slightly more iron-rich

than in other structures. The phyllosilicates show a strong

preferred orientation parallel to the walls of the solution

structures (Figs. 4a and e and 6b) and wrapping around less

soluble grains such as quartz. Kreutzberger and Peacor

(1988) have suggested that the accumulation and preferred

orientation of the phyllosilicate minerals is due to passive

accumulation by dissolution of the rock matrix and

mechanical rotation within the solution structure. They

also suggest that the phyllosilicates undergo little dissol-

ution and crystallization during solution. On the other hand,

Meike and Wenk (1988) have shown that phyllosilicate

minerals precipitate and grow within the structures during

deformation. Similarly, Holeywell and Tullis (1975)

suggested that the preferred orientation of phyllosilicates

in slaty cleavage was the result of preferred recrystallization
Fig. 7. (a)–(c) EDS spectra of clays in the three types of solution structures. All hav

Clays in goethite bearing structures tend to be slightly more iron-rich. (d) EDS s
under a nonhydrostatic stress rather than simply mechanical

rotation of pre-existing minerals.
4.2.2. Authigenic quartz

Authigenic quartz is commonly found in the matrix of

most fine-grained limestones as euhedral to subhedral grains

on the order of 10–100 mm in the longest dimension. These

grains are concentrated within the stylolite zone due to the

lower solubility of quartz as compared with calcite. Within

the stylolite, the quartz grains are highly corroded and

embayed by less soluble mineral grains such as iron oxide,

pyrite, and titanium oxide. Between each of the less soluble

phases and the quartz there is usually a 1–3 mm layer of

phyllosilicates (Fig. 4b and d). The quartz grains show a

preferred shape orientation parallel to the stylolite bound-

aries (Fig. 4a), which may be due to either rigid-body

rotation, and/or dissolution and reprecipitation in a stress

field (Karato and Masuda, 1989). In either case, this

provides evidence that the solution structures formed after

the formation of authigenic quartz.
4.2.3. Titanium oxide

Irregular to subhedral, less than 4 mm diameter grains of

titanium oxide (Figs. 2b and d and 6b), presumably anatase

(TiO2), are very common in pyrite-bearing and goethite

bearing solution structures, but noticeably absent in

magnetite-bearing solution structures. Similarly, these

grains are generally absent in the host rock matrix. EDS

spectra (Fig. 7d) show these grains to contain only titanium

and oxygen. The mobility of titanium in solution structures

has been a source of controversy. For example, Wintsch
e a similar composition interpreted to be a combination of chlorite and illite.

pectra of titanium oxide grain in Fig. 2d.
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et al. (1991) in a study of cleavage zones in mudrocks found

that titanium is relative immobile at the scale of solution

zones and Schwander et al. (1981) suggest that titanium in

limestone stylolites is immobile. On the other hand, Mimran

(1977) and Davidson et al. (1998) show titanium to be very

mobile and even requires metasomatic addition during

deformation to reach observed concentrations in limestone

solution structures. Similarly, Morad and Aldahan (1982,

1986)) found that titanium could be mobilized by

dissolution of biotite and Fe–Ti oxides, such as illmenite,

under reducing conditions at the microenvironment scale,

with reprecipitation of titanium oxide. Such dissolution may

take place in solution structures. Parnell (2004) makes a

compelling case for titanium mobilization and precipitation

by hydrocarbons. The passage of hydrocarbons through the

Tonoloway and Helderberg Formations is documented by

the presence of light liquid hydrocarbon fluid inclusions and

bitumen inclusions in very early vein minerals.
4.2.4. Accessory minerals

Rarely, small (!3 mm) detrital apatite or zircon grains

may be found in the solution structures, as well as

occasional authigenic(?) K-feldspar, calcite, and dolomite.

In addition, unusual phases such as a titanium–sulfur
Fig. 8. Burial history curve for the Tonoloway and Helderberg Formations. Relative c

of remagnetization from Stamatakos et al. (1996). Points A, B, and C are modeled c
mineral, a copper–zinc mineral, a nickel mineral and even

micron-size gold grains have been identified by EDS.
5. Environmental conditions during burial and
deformation

5.1. Burial history diagram

In order to understand the environmental conditions

present during burial and deformation, a burial history

diagram (Fig. 8) was constructed for the Tonoloway and

Helderberg Formations from the time of deposition through

the Late Paleozoic Alleghanian orogeny. The diagram is

constrained by published stratigraphic thicknesses (Reger

and Tucker, 1924; Tilton et al., 1927) and restored

stratigraphy based on paleo-overburdens and paleo-tem-

peratures determined using fluid inclusion microthermome-

try (Fig. 9) (Evans and Battles, 1999; Evans and Hobbs,

2003). The onset of hydrocarbon generation in the Tonolo-

way–Helderberg section was determined by the compac-

tion-corrected Lopatin method (Waples, 1980; Dykstra,

1987). Compaction during burial was accounted for using

the method outlined in Baldwin and Butler, 1985). A

geothermal gradient of 20 8C kmK1 is used, with a surface
oncentration of organic solvents curve modified from Surdam et al. (1989). Age

onditions discussed in text.



M.A. Evans, R.D. Elmore / Journal of Structural Geology 28 (2006) 284–301 293
temperature of 20 8C. Where possible, the type and

composition of fluids present in the rocks during burial

and deformation is determined from fluid inclusion

microthermometry of pre- to syn-Alleghanian orogeny

tectonic quartz and calcite veins (Evans and Battles, 1999).
5.2. Burial, deformation, and fluid history

After deposition, the Helderberg and Tonoloway lime-

stones experienced rapid burial to a depth of approximately

3.5 km during the Late Devonian Acadian orogeny. In the

100 my between the Late Devonian and the Early Permian,

there was an additional 1.5 km of burial, and organic

material thermally matured to the point of generating liquid

hydrocarbons (Figs. 8 and 10a). Peak liquid hydrocarbon

generation occurred in the late Carboniferous and ceased by

the beginning of the Permian as burial temperatures reached

120 8C and burial depths were approximately 5.0 km (point

A on Fig. 8). The presence of hydrocarbons in the

Tonoloway and Helderberg limestone rocks prior to and

early during Alleghanian deformation is indicated by CH4

and higher hydrocarbons (more than two carbon atoms) in

vein mineral fluid inclusions and occasional bitumen

fragments in vein material. Based on fluid inclusion

microthemometry (Evans and Battles, 1999), the fluid

present in the rocks during the Late Carboniferous to

Early Permian was an in situ fluid in isotopic equilibrium

with the host rock. The composition of the fluid is that of a

NaCl–CaCl2 rich brine with 20.5–25.8 wt% NaCl equival-

ent salinity. The fluid was saturated with CH4 and contained

up to 8 mole% CO2. Coeval brine and methane fluid

inclusions show that pore-fluid pressure was at or near
Fig. 9. Plot of Th versus Tm for fluid inclusions from calcite and quartz veins in

Patterson Creek anticlines, West Virginia (data from Evans and Battles (1999), a

conditions. Note the mixing of Helderberg fluids with ‘warm’ low salinity fluids m

generally contains unmodified fluids. Arrow shows the interpreted mixing of ‘wa
lithostatic at 130 MPa (Evans and Battles, 1999). These

fluid characteristics are comparable with fluids found in

modern hydrocarbon-rich sedimentary basins (Morton and

Land, 1987; Moldovanyi and Walter, 1992; Hanor, 1994).

During the Early Permian, syn-tectonic sedimentation

associated with the advancing Alleghanian deformation

front rapidly buried the region under at least an additional

2–4 km of Permian sediments (Figs. 8 and 10b) (Evans and

Battles, 1999). Early during folding of the central Valley

and Ridge province, the Middle Devonian through Upper

Devonian rocks stratigraphically above the Tonoloway and

Helderberg interval experienced the flow of ‘warm’

(approximately 200 8C), low-salinity (8.0–15.0 wt% NaCl

equivalent), NaCl–CaCl2 CH4-rich brines from a hinterland

source (Evans and Battles, 1999). This early syn-folding

fluid migration event occurred at or near maximum burial of

the western Valley and Ridge province (point B on Fig. 8).

Coeval brine and methane fluid inclusions show that pore-

fluid pressure was near lithostatic at 169 MPa, correspond-

ing to a burial depth of 6.5 km (Evans and Battles, 1999).

Although stable isotope data shows that the Tonoloway and

Helderberg Formations were not altered by external fluids,

some of the ‘warm’ fluids apparently infiltrated into the

Helderberg limestone along open fractures (Fig. 9) (Dor-

obek, 1989; Evans and Battles, 1999).

The rocks in the study area then experienced a period of

rapid syn-folding uplift and denudation associated with the

transport of the Wills Mountain and Patterson Creek

anticlines across a ramp in the Cambro–Odovician

carbonate section (Fig. 10c and d). Rocks initially buried

up to 6.5 km depth were uplifted to approximately 4.5 km

depth. Subsequent transport emplaced the carbonate duplex
the Tonoloway through Oriskany Formations in the Wills Mountain and

nd unpublished data). The dashed box outlines unmodified formation fluid

igrating trough the Oriskany sandstone. The Tonoloway, on the other hand,

rm’ fluids with in situ formation fluids in the Helderberg limestones.



Fig. 10. Sequence of burial and deformation for the Wills Mountain anticline (WM) and Patterson Creek anticline (PC) in northern West Virginia. Based on

burial and fluid history derived by Evans and Battles (1999), Evans and Hobbs (2003), and unpublished data. Sections (a), (c), and (e) correspond to points A, B,

and C, respectively, on the burial history plot in Fig. 8. Locations of samples used in this study are schematically shown by small filled circles.
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over 17 km of flat décollement forming the Nittany

anticlinorium (Fig. 10e) (Wilson and Shumaker, 1992;

Smart et al., 1997; Evans and Battles, 1999).

Although we have no direct evidence of the type of fluids

present in the rocks after this period of rapid uplift and

denudation, we assume that meteoric fluids were able to

percolate into the breached structures along newly opened

and reopened fractures. This increased fracturing and

communication with the surface would have resulted in a

drop of pore fluid pressures to near hydrostatic conditions.

Deep penetration (O2–4 km depth) of meteoric fluids is

well documented in modern and ancient structural settings

(e.g. Nesbitt and Muehlenbachs, 1995; Shterev and

Zagorchev, 1996; Varsanyi et al., 1999; Barker et al., 2000).
6. Oxidation–reduction modeling

Along with temperature, pressure, and fluid chemistry,

subsurface redox conditions (Eh and pH) are the most
important parameters controlling the chemistry of diage-

netic reactions in sedimentary basins. The three different

mineral assemblages found in the solution structures cannot

coexist stably based on Eh–pH stability fields (Burton et al.,

1993; Machel, 1995). Pyrite requires a high a[SO2K
4 ], low

Eh, and low pH; magnetite requires a low a[SO2K
4 ], low Eh,

and high pH; while goethite requires a low a[SO2K
4 ], high

Eh, and high pH. Therefore, in order to find all three mineral

assemblages coexisting metastably in the same rocks, they

had to have formed at different times and under different

geochemical conditions.

In order to examine the effect of redox conditions on the

mineralogy of iron phase minerals found in the Helderberg

and Tonoloway Formations, three separate Eh–pH diagrams

were calculated for three separate periods in the fluid-

deformation history of the western Valley and Ridge

province. The modeling was done using Geochemist’s

Workbenchw (Bethke, 1998) Release 5.0 based on the

thermodynamic database for SUPRCT92 by Johnson et al.

(1991). For simplicity, we only took into account inorganic
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species and, although probably present, organic acids were

not included in the modeling. Since microbial processes

take place at temperatures less than 90 8C (Rozanova et al.,

2001; Machal, 2004) they were also not considered.

6.1. Modeled conditions

6.1.1. Syn- to post-hydrocarbon generation

We can use modern oilfield brines as an analogue to

model the Fe–O–H–C Eh–pH diagram applicable to the

period just before rapid burial in the Early Permian. In

modern sedimentary basins, pore water pH is very difficult

to measure because of changes that occur as a sample is

brought to the surface (Kharaka et al., 1986). Instead,

geochemical modeling provides a good estimate of subsur-

face conditions. For example, computed pH values for oil

field waters range from 4.0–5.5 in Pleistocene sands in the

Gulf of Mexico (Kharaka et al., 1986) to 5.8–6.5 in Jurassic

carbonates of Arkansas (Moldovanyi and Walter, 1992). Eh

values in sedimentary basins are highly reducing, with Eh

commonly less than K0.2 V due to the effect of dissolved

organic species in the petroleum waters (Kharaka et al.,

1980; Surdam and Crossey, 1985; Shebl and Surdam, 1996).

The presence of H2S in many oilfields also attests to the low

Eh, and also to the presence of a large amount of sulfur.

Hering and Stumm (1991) report that dissolution of iron

oxides is markedly enhanced by reducing agents such as

organic reductants, inorganic reductants, reduced metals in

combination with organic ligands, or combinations of

organic reductants and ligands. Similarly, Drummond and

Palmer (1986) showed that acetate complexing contributed

to significant iron oxide dissolution. Organic reductants and

ligands such as acetate complexes are common constituents

of oil and gas field waters (see review by Helgeson et al.

(1993)).

The modeled brine composition (Table 2) is representa-

tive of oilfield brine analyses (Morton and Land, 1987;

Moldovanyi and Walter, 1992; Hanor, 1994; Weaver et al.,

1995; Hyeong and Capuano, 2001; Losh et al., 2002), and

the measured fluid inclusion brine salinity from the

Tonoloway and Helderberg Formations. We use

a[SO2K
4 ]Z10K5, a[Fe2C]Z10K5, and a[HCOK

3 ]Z10K3.

Fluid inclusion data (Evans and Battles, 1999) give a

temperature of approximately 120 8C, and pressures are

near lithostatic at 130 MPa (burial depth of 5.0 km). The

effect of pressure variation on the Eh–pH diagram is

minimal in this range, so even if pressure were lower, say

near a hydrostatic 50 MPa, the configuration of the Eh–pH

diagram would not change significantly. These fluids would

have been present in the rocks as the Alleghanian orogeny

started and initial vein formation began.

6.1.2. Regional ‘warm’ fluid migration

The period of rapid syn-tectonic burial lead to in situ

temperatures rising to nearly 160 8C and infiltration of

‘warm’ migrating fluids of approximately 200 8C. At
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temperatures greater than 120 8C, decarboxylation reactions

break down organic acids, and release CO2 and bicarbonate

(Surdam and Crossey, 1985) (Fig. 8), such that above

150 8C organic acid concentrations will be less than 100 mg/

L (Helgeson et al., 1993). In these high-temperature, lower

salinity fluids that have migrated from the hinterland, we

assume that the organic acid content is minimal and that the

sulfate content in markedly reduced from that of the oilfield

fluid. We have no modern analogue of this ‘warm’

migrating brine. Instead, the modeled brine composition
Fig. 11. Dependence of thermodynamic stabilities of iron minerals on Eh

and pH in an aqueous environment. (a) Oil field waters with a[SO2K
4 ]Z10K5,

a[Fe2C]Z10K5, and a[HCOK
3 ]Z10K3. (b) ‘Warm’ migrating brines with

a[SO2K
4 ]Z10K8, a[Fe2C]Z10K6, and a[HCOK

3 ]Z10K3. (c) Deep meteoric

waters with a[SO2K
4 ]Z10K3, a[Fe2C]Z10K6, a[HCOK

3 Z10K3.
(Table 2) is based solely on the measured fluid inclusion

brine salinity from the overlying Oriskany Formation. We

use a[SO2K
4 ]Z10K8, a[Fe2C]Z10K6, and a[HCOK

3 ]Z10K3.

We also assume that pH is somewhat higher, in the range of

pHZ7.0–8.0 based on lowered organic acid content and the

relationship that pH increases with decreasing salinity noted

by Hanor (1994). We assume that EhZK0.5 to K0.3, and

is similar to oilfield waters because of the depth of the units

(approximately 6.5 km), the lack of evidence for meteoric

input, and the maintenance of lithostatic pressures (approxi-

mately 169 MPa) during maximum burial.

6.1.3. Syn-thrusting denudation and meteoric fluid influx

For the meteoric fluid influx, the modeled brine

composition (Table 2) is representative of modern ana-

logues from deep confined groundwaters in the Lincolnshire

Limestone aquifer (Champ and Gulens, 1979), the chalk

aquifer in the Berkshire syncline (Edmunds et al., 1987), the

Tertiary aquifers near Mexico City (Edmunds et al., 2002),

thermal fluids in peninsular India (Minissale et al., 2000),

and the East Midlands Triassic sandstone aquifer (Smedley

and Edmunds, 2002). These meteoric-derived fluids would

have a higher Eh (K0.2 to C0.2 V) representing a more

oxygen-rich system and somewhat higher pH (7.0–8.5) than

basinal fluids. Therefore, we use a[SO2K
4 ]Z10K3,

a[Fe2C]Z10K6, a[HCOK
3 ]Z10K3. For this interval, we

use a temperature of 110 8C and a hydrostatic pressure of

45 MPa.

6.2. Modeling results

For the pressure–temperature conditions at position A in

the burial history model, the pyrite stability field dominates

the Eh–pH diagram (Fig. 11a), even at extremely reducing

conditions. For more oxidizing conditions, at low pH values

FeClC is the stable phase, while hematite or iron hydroxide

(goethite) would be stable at higher pH values. In general,

goethite is the stable phase in the low-temperature and

moderate- to high-pressure, hydrous environments modeled

here (Posnjak and Merwin, 1922; Schmalz, 1959; Majzlan

et al., 2003). For the inferred oil field waters present on the

Tonoloway and Helderberg Formations at these conditions,

pyrite is the stable phase. This is in agreement with

Helgeson et al. (1993) who showed that most oil field waters

in the Gulf coast are in equilibrium with siderite and/or

pyrite.

For the pressure–temperature conditions at position B in

the burial history model, the pyrite stability field dominates

the Eh–pH diagram at reducing conditions (Fig. 11b).

However, with increasing pH, magnetite becomes the stable

phase. Again, at oxidizing conditions, iron hydroxide

(goethite) would be stable, except at low pH values where

aqueous FeClC is the stable phase. For the inferred ‘warm’

migrating brines, fluid conditions lie on the magnetite field,

with some overlap into both the pyrite and iron oxide/

hydroxide fields. Any pre-existing pyrite would show
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alteration to magnetite or iron hydroxide, and/or new

magnetite and iron hydroxide may form.

After uplift and denudation, both pressure and tempera-

ture are lower than in earlier models. This results in the

expansion of the pyrite stability field at the expense of the

magnetite (Fig. 11c). Again, at oxidizing conditions, iron in

the form of iron hydroxide would be stable at high pH

values, while at low pH values, siderite or aqueous Fe2C is

the stable phase. For the inferred deep meteoric waters, fluid

conditions are completely within the iron hydroxide field.

Any preexisting pyrite or magnetite would alter to goethite

and/or new iron hydroxide may form.
7. Discussion
7.1. Epidiagenesis of solution structure minerals

Because of the extended burial history of the Tonoloway

and Helderberg Formations, it is difficult to determine the

timing of compaction pressure solution. However, several

workers (Dunnington, 1967; Bathurst, 1971; Buxton and

Sibley, 1981) have suggested that in limestones, compaction

stylolites can form very early in the diagenetic process,

occurring at burial depths of less than 100 m. Based on
Fig. 12. Schematic sequence of burial and deformation showing evolution

of fluid migration pathways in the Tonoloway and Helderberg Formations.

(a) Initial burial with development of compaction solution structures. (b)

Layer parallel shortening resulting in formation of extension fractures and

tectonic stylolites. (c) Folding, accompanied by the formation of strike-

parallel joints. These joints intersect some solution structures and allow the

infiltration of ‘warm’ migrating fluids (arrows) from the overlying Oriskany

Formation. (d) Post-folding erosional breaching of the fold allows

infiltration of meteoric-derived waters (arrows) into the Tonoloway–

Helderberg section.
studies of modern sea-floor sediments (e.g. Karlin, 1990;

Leslie et al., 1990a,b) any primary biogenic magnetite

present in the Tonoloway and Helderberg limestones was

dissolved or altered to pyrite soon after burial as the

sediments reached anoxic reducing conditions. This is

supported by the lack of a primary paleomagnetic signature

in these rocks (Elmore et al., 2001; Lewchuk et al., 2002,

2003). Therefore, we assume that the earliest-formed

stylolites concentrated pyrite that was solved out of the

sediment/rock matrix. With continued burial throughout the

late Paleozoic, these early-formed stylolites, along with new

stylolites, developed (Fig. 12a). With continued burial and

oil generation, pyrite would continue to be the stable iron

phase in the Tonoloway and Helderberg rocks. Concen-

trated diagenetic or authigenic pyrite in solution structures

would remain stable.

As seen from the summary of stylolite mineralogy above,

stylolites are ‘chemical factories’ where a variety of

reactions take place during formation and enhancement.

With the advent of Alleghanian deformation, two events

controlled the changes in mineral chemistry of the solution

structures. The changes are highly localized because, on the

microscale, fluid chemistry may vary significantly depend-

ing on the stylolite connectivity and communication with

external fluid sources.

First, folding of the Middle to Upper Devonian section

resulted in the formation of planar, bed-normal, strike-

parallel fractures and the opening of pre-folding Tectonic

stylolites. The fractures preferentially formed in the

competent thick-bedded Helderberg limestone layers, as

opposed to the incompetent thin-bedded Tonoloway lime-

stone. ‘Warm’ migrating fluids locally infiltrated along

these fractures into the Helderberg, and possibly into the

Tonoloway, from the Oriskany paleoaquifer above. Since

the stylolite zones would have more permeability than the

host rock matrix, the fluids would have then been able to

infiltrate into stylolite zones that were in communication

with the fractures. The infiltrating fluids would not have

significantly altered the host rock as evidenced by oxygen

and carbon stable isotope data (Evans and Battles, 1999) and

strontium isotope data (Elmore et al., 2001). However,

because of the inhomogeneity of the ‘fracture plumbing’ on

the folds during the folding process, not all stylolites would

see communication because they would not be in contact

with a fracture. Therefore, only in preferentially oriented

stylolites would pre-existing pyrite undergo alteration to

magnetite, and authigenic magnetite be precipitated. The

source of the iron for authigenic magnetite could be: (1)

structural ordering of mixed-layer smectite to illite

releasing Fe3C (Boles and Franks, 1979; Surdam and

Crossey, 1985; Lu et al., 1991; Katz et al., 1998, 2000); (2)

dissolution of ferroan calcite (Dorobek, 1987) in the rock

matrix; (3) alteration of pyrite within the host rock (Suk

et al., 1990a; Brothers et al., 1996); (4) dissolution of

detrital biotite or illmenite; or (5) hydrocarbons (Ellrich

et al., 1985).
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Second, during transport of the duplex and cover rocks

across the Wills Mountain ramp, the cover rock sequence was

fractured again, and synthrusting erosion of the rising

anticlinorium breached the regional overpressure seal

(Fig. 12b). This allowed the influx of oxygen-rich

meteoric-derived water into the Tonoloway–Helderberg

section, along optimally oriented opened fractures. These

fractures again would have allowed these fluids to locally

infiltrate stylolite zones in contact with the fracture. The

breaching of the overpressure seal may have also enhanced

the pressure solution process by increasing grain-to-grain

stresses (Thomas et al., 1993). Again, this period of

epidiageneis (Dinarés-Turell and Dekkers, 1999) would not

have significantly modified the host rock isotope chemistry.

7.2. Implications for rock magnetic response

Solution structures such as stylolites and cleavage have

been suggested as important contributors to alteration of

rock remanent magnetism (Kodama, 1988; Housen and van

der Pluijm, 1991; Lewchuk et al., 2002) and AMS response

(Borradaile, 1988; Imaz et al., 2000; Evans et al., 2003). The

two limestone formations examined in this study were

remagnetized during the Permian Kiaman event (Evans

et al., 2000; Lewchuk et al., 2003). The timing of this

regional remagnetization has been placed between ca. 255

and 275 Ma (Stamatakos et al., 1996).

Analysis of Silurian and Devonian limestones in West

Virginia has shown there is a direct link between the amount

of rock dissolution strain with the apparent timing of rock

remagnetization with respect to folding and the AMS fabric

(Lewchuk et al., 2003). The relationship is one where rocks

with little or no pressure solution strain contain a pre-

folding remagnetization, but as solution strain increases, the

remagnetization appears to be more syn-folding Lewchuk et

al., 2002, 2003). Small circle statistical analysis (Shipunov,

1997) using the optimal differential untilting (ODU)

technique of Enkin et al. (2000) was used to determine to

what extent individual paleomagnetic site means within

each fold shared a common direction during unfolding. The

advantage of this test is that it untilts each site individually

at differing rates to derive a common direction from the

intersection of their small circle paths from geographic to

stratigraphic coordinates, rather than untilting each limb

symmetrically to the best grouping of site directions. The

result yields a set of untilting percentages for each site at this

shared direction. For these samples, ODU is strongly related

to the type of iron phase mineral in the solution structures

(Table 1). The ODU values are very low (!40, syn-folding

remagnetization) for rock that have solution structures

containing magnetite, while rocks that have solution

structures with pyrite or goethite have ODU values greater

than 40 (pre-folding remagnetization). This suggests that the

infiltration of syn-deformational fluids into solution struc-

tures and the growth authigenic magnetite along with the

alteration of pre-existing iron phases may exert important
controls on the syn-folding character of the rocks. Clearly,

this is an area that needs further testing.
8. Conclusions

Limestone solution structures from the Tonoloway and

Helderberg Formations show three distinct mineral assem-

blages dominated by iron-phase minerals: pyrite, magnetite,

and goethite. The primary control on solution structure

mineral assemblage was the redox conditions present in the

solution structures during burial and deformation. The redox

conditions on the microscale may have been controlled by

the local fluid chemistry and the presence–absence of

hydrocarbons and organic acids within the formation fluids,

and the influx of externally derived fluids by fracture

formation during the folding process. The types of fluids in

the solution structures varied significantly over time

depending on the connectivity and communication with

external fluid sources. Earliest fluids were hydrocarbon-

rich, high-salinity brines that were generally reducing and

favored pyrite stability. As folding commenced, ‘warm’

low-salinity brines locally infiltrated along fractures,

causing the alteration of pyrite to iron oxide/hydroxide

and the precipitation of authigenic magnetite. Finally,

breaching of the folds by fracturing allowed communication

with oxidizing meteoric fluids and formation of goethite in

the solution structures. In general, the external fluids did not

significantly affect the relatively impermeable limestone

matrix, but were focused along the more permeable solution

structures. The wide variation in mineralogy of the solution

structures shows that they are ‘chemical factories’ where a

variety of chemical reactions take place during rocks

dissolution and fluid influx. In particular, the formation of

authigenic magnetite in solution structures during burial and

deformation has significant implications for paleomagnetic

applications, and use of AARM and AMS fabrics.
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Propagation and localization of stylolites in limestones. In: Knipe, R.J.,

Rutter, E.H. (Eds.), Deformation Mechanisms, Rheology and Tectonics

Geological Society Special Publication 54, pp. 193–199.

Champ, D.R., Gulens, J., 1979. Oxidation-reduction sequences in

groundwater flow systems. Canadian Journal of Earth Sciences 16,

12–23.

Chang, S-B.R., Kirschvink, J.L., 1989. Magnetofossils, the magnetization

of sediments, and the evolution of magnetite biomineralization. Annual

Reviews of Earth and Planetary Science 17, 169–195.

Chang, S-B.R., Kirschvink, J.L., Stoltz, J.F., 1987. Biogenic magnetite as a

primary remanence carrier in limestone deposits. Physics of the Earth

and Planetary Interiors 46, 289–303.

Chang, S-B.R., Stoltz, J.F., Kirschvink, J.L., Awramik, S.M., 1989.

Biogenic magnetite in stromatolites. II. Occurrence in ancient

sedimentary environments. Precambrian Research 43, 305–315.

Cox, S.F., Etheridge, M.A., 1989. Coupled grain-scale dilatancy and mass

transfer during deformation at high fluid pressures: examples from

Mount Lyell, Tasmania. Journal of Structural Geology 11, 147–162.

Davidson, S.G., Anastasio, D.J., Bebout, G.E., Holl, J.E., Hedlund, C.A.,

1998. Volume loss and metasomatism during cleavage formation in

carbonate rocks. Journal of Structural Geology 20, 705–726.
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